Large earthquakes are commonly followed by abundant aftershocks that are 2 densely located around the coseismic rupture zone. Laboratory experiments indicate that 3 "microscopic" brittle rock failures (acoustic emission) are associated collectively with a 4 "macroscopic" damage-related inelastic relaxation. Utilizing basic relations between local 5 brittle failures and gradual inelastic strain in a viscoelastic damage rheology model, we 6 develop connections between aftershock decay rates and the aftershocks-induced 7 component of geodetic deformation. The discussed mechanism is relevant for postseismic 8 relaxation produced by sources located within the seismogenic zone, and especially in 9 regions that overlap locations of high aftershocks activity. Assuming the Omori-Utsu 10 decay rate for aftershocks, we find that the temporal decay of the damage-related 11 postseismic relaxation follows a generalized power-law relation with the standard Omori-12 
Introduction
distributed horizontal asthenospheric layer or in localized deep ductile shear zone [e.g., 10 Thatcher, 1983; Li and Rice, 1987; Ben-Zion et al., 1993; Montési, 2004] . In this study 11 we develop quantitative results associated with a 4th category of postseismic deformation 12 involving directly the inelastic relaxation produced by the occurrence of multitudinous 13 aftershock events. To provide a context for our results, we discuss below general aspects 14 of the commonly assumed mechanisms and observations. 15
Poroelastic rebound occurs when fluid in saturated rocks diffuse in response to 16 coseismic stress perturbations. The fluid diffusion and associated pore pressure changes 17 produce transient strain field in the crust. It has been reported that poroelastic rebound 18 following large earthquakes occurs at shallow depths and significantly at step-over 19 regions of fault zones [e.g., Peltzer et al., 1998; Masterlark and Wang, 2002] . The time 20 dependency of this relaxation process is complicate, and usually the difference between 21 displacement fields of two end-member models (undrained and drained) is calculated to 22 analyze the fluid effects [e.g., Fialko, 2004; Jónsson et al., 2003] . In comparison, the 23 afterslip process is assumed to be associated with rate-strengthening friction on 24 extensions of the seismogenic (rate-weakening) portion of the fault [e.g., Scholz, 1998 ; 1
Marone and Scholz, 1988; Blanpied et al., 1991; Chester, 1995] . This process is expected 2 to produce postseismic deformation with logarithmic time-dependency [Marone et al., has power-law decay with time [Montési, 2004] . 13 The differences in the nature of the above three deformation mechanisms lead to 14 some differences in the displacement fields at the surface. For strike-slip events, which 15 are the focus of this work, poroelastic rebound produces displacements generally opposite 16 to those generated by the mainshocks, as indicated e.g. following the 1992 Landers 17 earthquake [Peltzer et al., 1998; Fialko, 2004] and two 2000 Mw6. 5 
earthquakes in 18
Iceland [Jónsson et al., 2003 ]. On the other hand, both afterslip and viscoelastic 19 relaxation produce similar kinematic motions as the mainshocks. It is thus comparatively 20 easy to recognize poroelastic rebound, but still a challenge to distinguish between 21 afterslip and viscous flow based on displacement or velocity measurements [e.g., 22
Ben-Zion and Lyakhovsky [2006] analyzed aftershocks in a viscoelastic damage 1 rheology model, based on nonlinear continuum mechanics and thermodynamics, for 2 evolving elastic properties and related deformation patterns in rocks sustaining 3 irreversible brittle deformation. The effective elastic moduli in the damage model are 4
functions of an evolving non-dimensional state variable 0 ≤ α ≤ 1 representing the local 5 crack density [Lyakhovsky et al., 1997] . The evolution of the microcrack density during 6 local brittle failures (e.g., aftershocks) changes the effective viscosity of the medium and 7 leads to gradual overall inelastic deformation [Hamiel et al., 2004] . 8
In the present paper we derive quantitative connections between the expected 9 postseismic deformation and changes of the effective viscosity of the crust generated 10 collectively by aftershock sequences. represents a (non-brittle) ductile strain. In a simple model consisting of a brittle 9 seismogenic zone over a ductile substrate, the third term in Eq. (1a) may be assumed to 10 be zero in the seismogenic zone, while the first 2 terms may be neglected in the ductile 11 substrate. For a simplified situation of uniform deformation in a single direction, Eq. (1a) 12 may be replaced by the corresponding scalar version 13
For a 1D case of uniform deformation, the relation between the stress σ and elastic 15 strain in the damage model is given [Ben-Zion and Lyakhovsky, 2006] by 16 Analysis of stress-strain and acoustic emission data of fracturing experiments [Hamiel 20 et al., 2004] indicates that the inelastic strain rate in a gradual distributed damage process 21 (e.g., aftershocks), not associated with large localized system-size instabilities (e.g., 1 mainshocks), can be described by 2
where v C is a material constant and the product α C v & represents the inverse of an 4 effective damage-related viscosity that decreases with increasing damage rate (e.g., 5
aftershocks rate). When the damage rate approaches zero, the effective viscosity becomes 6 infinite and the system enters a phase of inter-seismic deformation associated with purely 7 elastic behavior and healing (recovery) of the effective elastic properties (this behavior is 8 not analyzed here). Eq. (2b) provides a constitutive relation only for the period associated 9
with the occurrence of ongoing distributed brittle instabilities leading to material 10 degradation. A more complete description that includes also the longer interseismic 11 period, when the healing process leads to material recovery, can be found in Lyakhovsky 12 et al. [1997, 2001] . 13 Over relatively short time intervals after the occurrence of mainshocks, the total 14 strain in a volume around the fault can be assumed to be approximately constant [Ben-15 over Maxwell viscous relaxation, and is also inversely proportional to the degree of 4 seismic coupling in a region. Applying the constant strain boundary condition, as 5 described above, the elastic strain rate is 6 e e R ε α α ε
Integration of Eq. 4 provides elastic strain in the form 8 . Replacing e ε in Eq. 3 by Eq. 5, the inelastic strain rate is,
The damage state variable (α), which represents the local microcrack density in a 13 rock volume, should be correlated with the aftershock activity during the postseismic 14 time interval. The generated brittle damage is expected to be proportional to the total 15 rupture area of the events. Since the rupture area of each earthquake is proportional to the 16 magnitude, we assume a linear relationship between α, the number of events and the 17 average magnitude of the aftershocks 18 
The time-dependency of inelastic strain in Eq. 8 can be obtained by applying the 7 classical Omori-Utsu law for the aftershock occurrence rate [Utsu et al., 1995] , Based on the validity of the Gutenberg-Richter statistics for the observed moderate events 7 ( Fig. 3) , we consider the catalog complete for earthquakes with magnitude above M c = 8 2.5. 9
10
Figure 3. 11 12 The aftershocks of the İzmit earthquake extended over an area of 40 by 170 km (Fig.  13 2). Our investigations focus on the fault zone (approximately less than 10 km distance 14 perpendicular to the fault according to the aftershock distribution), where the aftershocks 15 densely occurred. We analyze the time period of the first 87 days after the İzmit 16 mainshock, which is before the Düzce earthquake, using the modified Omori-Utsu law 17 ( The inversion results are presented in Table 1 that the postseismic displacements decayed slower than the aftershock seismicity after the 7
İzmit earthquake. For convenience, we refer to the derived results ( Fig. 6 and sections, we investigate the contributions to the observed postseismic displacements from 10 elastic strain changes produced by aftershocks, aftershocks/damage-induced inelastic 11 deformation and ductile relaxation. Additionally, we consider a simplified interseismic 12 model for the study region to show that the tectonic motion has small effect over the 13 studied time domain. 14 Table 1. 15 Figure 6 . 16
Different contributions among the whole postseismic displacement 17

Contribution from tectonic motion 18
Here we investigate the contribution from the tectonic motion. Consistent with the 19 employed GPS data, we first obtain the secular velocities at the seven GPS sites (Fig. 7) Fig. 8 ) indicate that the tectonic motion has negligible effect on the total 2 postseismic displacements in the first 87 days following the İzmit earthquake. 3 Figure 7 . 4 Figure 8 . 5
Contribution from elastic deformation induced by aftershocks 6
To investigate the elastic relaxation process produced by the aftershocks, we consider 7 the large events with M≥4.0 indicated by the black circles in Fig. 2 . We calculate the 8 surface displacements produced by these aftershocks and examine their contributions to 9 the measured postseismic displacements. According to the Centroid Moment Tensor 10 (CMT) solutions of the large aftershocks, most of the aftershocks between 29.3°E and 11 30.5°E have similar focal mechanism as the İzmit mainshock. We thus treat the M≥4.0 12 aftershocks as strike-slip events, similar to the mainshock, and calculate the surface 13 displacements at the seven GPS sites produced by these aftershocks. The calculations are 14 done with the Okada's code, using slip values based on the empirical relation with the 15 magnitudes [Wells and Coppersmith, 1994] . 16 The aftershocks used for the calculation and their displacements at the seven GPS 17 sites are shown in Fig. 9 . The results indicate that the aftershock seismicity produced 18 influential surface displacements at some GPS sites, e.g., at HAMT where the E-W 19 displacement reaches ~7 mm in the first 87 days. After correcting for the elastic effect of 20 the aftershocks, the postseismic displacement at HAMT site is decreased by ~20%. The 21 contributions of the aftershocks at the other stations, According to the theoretical results of section 2 and Fig. 1 , the damage-related 8 inelastic deformation decays faster than the aftershock seismicity, and the decay rate for 9 aftershock seismicity provides an upper limit for the associated inelastic relaxation rate. 10 Therefore, the maximum damage-related aseismic deformation can be determined by 11 , is shown by the solid curves of Fig.  18 8. The results indicate that the damage-related inelastic relaxation relative to the total 19 postseismic deformation is different from site to site. However, the aftershock related 20 inelastic relaxation contributes generally up to 50% of the total geodetic deformation in 21 the first 87 days. 22
Contribution from ductile relaxation 1
As discussed before, the stress perturbations generated by large earthquakes are also 2 likely to produce some stable aseismic deformation. Such deformation, The results shown by the dashed curves in Fig. 10 indicate that the residual postseismic 13 displacements, left after subtracting the contributions from the aftershock-induced 14 elastic/inelastic deformation and the tectonic motion, can be attributed at most GPS sites 15 to deep ductile relaxation described by the E-SLS-M model. Only at sites MURT, BEST 16 and KANT, the observed deformation cannot be completely explained by a combination 17 of aftershock-induced and ductile effects, which might indicate some local rheological 18 heterogeneity. 19
In the eastern section of sites MURT and BEST, tomography studies show 20 comparatively higher P wave velocities and higher Q values suggesting colder and more 21 brittle material [Nakamura et al., 2002; Koulakov et al., 2009] . Based on the results of 22
Ben-Zion and Lyakhovsky [2006] , cold brittle material is expected to produce long 1 Omori-type aftershock sequence with relatively low p value and high event productivity. 2 Therefore, when we applied the constraint p d =p s (in section 3.3.3 a homogenous p s value 3 has been determined for the entire study region) for the geodetic deformation, we likely 4 underestimated the aftershocks-induced aseismic deformation in this area. On the other 5 hand, the deformation summation due to aftershocks-induced inelastic relaxation and 6 distributed ductile relaxation overestimates the postseismic displacement at site KANT. 7
We note that KANT is far from the fault damage zone and the surrounding aftershock 8 seismicity is rather low. Thus, our simple procedure overestimated the damage-related 9 deformation at this site (cf. Fig. 9 ) and produced modeled postseismic displacement that 10 is higher than the observed displacement (cf. Fig. 10) . It is important to examine in future studies whether the theoretical results and 9 partitioning of observed surface geodetic deformation obtained in this work apply in a 10 similar way to other cases of postseismic deformation. 11 12 
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